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CHAPTER 5

THE SURFACE HEAT AND MASS BALARCE

Gary A. Maykut

Department of Atmospheric Sciences/Geophysics
University of Washington
Seattle, Washington 98195

5.1 INTRODUCTION

sormation of a sea ice cover produces profound changes in the
state of the atmosphere and ocean, primarily by altering the sur-
face heat exchange. The high albede of the ice and its insulatioun
of the atmosphere from the underlying water give rise to a climate
over the polar oceans that is more characteristic of the continen-
tal ice sheets than of a marine environment. UYnlike the idce
sheets, however, sea ice is only a thin wveneer whose thickness and
areal extent are sensitive to small changes in heat iaput. Varia—
rions in sea ice extent have the potential to ampiify small changes
in climate through a variety of positive feedback mechanisms
(Kellogg, 1975), leading to their central role in several ice age
theories (Brooks, 1949; Bwing and Donn, 1956, 1958; Budyko, 1966).

While an ice cover reduces the transfer of momentum from the
air to the water, rhermal processes associated with the growth and
novement of the ice have the greatest impact on the ocean. in
particular, evaporative heat losses and the absorption of solar
radiation in the upper ocean are drastically reduced -- lack of
tight is the principal factor limiting blological activity beneath
the ice in the Arctic Ocean. The ice also affects vertical mo-
tions in the mized laver. Salt rejected by the growing ice forms
~old dense brine which sginks, promoting convective overturning,
and causing heat entering the mixed layer to be transported upward
where it is rapidly lost to the ilce. Tn contrast to the open
ccean, no sipnificant storage of heat occurs in the mixed layer

neneath the ice pack.
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Litrle is known about the heat and mass balance of ice-
covered portions of the Southern Ocean due to inaccessibility and
difficulties involwved in making surface observations on the
dynamic seasonal ice. In the north, however, measurements have
routinely heen carried out on most of the U.8., and Soviet drifting
stations during the past few decades, producing substantial data
on incident radiation, air and water temperatures, snowfall,
winds, currents, and ocean Structure in many parts of the Arctiec
Basin (Fletcher, 1965; Aagaard and Greisman, 1975), During the
past few vears data buovys have heen deployed across much of the
Arctic Basin and have begun to produece information on the large
scale fields of atmospheric pressure, ice velocity, and surface
temperature (Thorndike and Colony, 1980, 198!; Thorndike et al.,,
1982, 1983). A few similar buoys have also heen deployed 1in the
Antarctic (Ackley, 1981}, but these have been generally limited to
the somewhat atypical Weddell Sea and not to the seasonal ice which
makes up most of the Antarctic ice pack. Despite recent artention
to the marginal ice zone (MIZ) and areas of seasonal ice, our gene-
ral understanding of interactions between the ice, the ocean, and
the atmosphere is =still largely based on what has been seen in the
perennially ice-covered portions of the Arctic Basin. ‘the applica-
bility of such information to more dynamically active areas such
a5 the MIZ and the antarctic ice pack is uncertain.

In the first part of this chapter we will review the various
components of the surface heat balance and examine the relative
magnitude of heat fluxes cbserved over the arcric ice pack. We
will then describe the growth pattern and mass balance of a sea
ice cover, consider different methods of predicting ice groweh,
and lock at the sensitivity of sea ice o changes in climate.
Finally, we will discuss the coupling between dynemic and thermo—
dynamle processes, then estimate how thickness wvariations affecr
the regional heat axchange and ice producticn.

5.2 SURFACE HEAT EXCHANGE

5.2.1 Radiation

All matter rvadiates energy in proportion to the fourth power
of its absolute temperature

4
F* = g0 T, (5.1}
where F¥% iz the emitred radiation, ¢ = the emissivity of the mate~-
rial, O = the Stefan-Boltzman constant = 8.13 - 10741 ca1r o2

-1

ain~! Og~4 (5,67 « 1078 y 42 Ok™%), and T, =

= radiative tempera~
ture of the material. Most of the radiative energy reaching the

surface of the Earth lies in rwo spectral bands: shortwave radia~
tion which originates from the sun and has a maximun intensity near
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a wavelength of 0,5 ym, and longwave radiatiocn which originates
irom the earth and atmosphere and has a maximum near 12 um. As 1s
shown In Figure 1, there is little overlap between the radiation
derived from these two sources, giving rise to a natural separa-
tion in their measurement and treatment.

Longwave radiation. Longwave radiation dominates heat ex-
change in the polar regions during much of the year. Incoming
shortwave radiation (¥} is negligible during wmost of the fall and
winter, and even at the height of the summer melt season Fy is
only a few percent larger than the incoming longwave radiation
{F). The aanual total of ¥y is more than double that of F,
{Table 1). The magnitude of Fy depends on the vertical distribu-
tion of temperature and water vapor in the atmosphere. The 30-40°C
increase in air temperature from winter to summer produces a corTe-
sponding increase in Fy on the order of 80-%0%. 1In spite of the
magnitude of Fy, the net effect of longwave radiation is to remove
heat from the ice. This is becsuse the radiative temperature of
the 1ce usuwally exceeds that of the atmosphere, so that the amount
of  radiation emitted by the ice (F4) almost always exceeds Fy.
et longwave losses are at a minimum during the summer and early
tall due to the presence of extensive low clouds and substantial
amounts of water wvapor close to the surface., These result in an
«f fective radiative temperature for the atmosphere close to that
oi the surface. Fewer and higher clouds during the winter and a
inrge decrease in the amcunt of water vapor combine to increase
the effective temperature differential between the ground and the
aimosphere, causing an increase in the net longwave losses at the
surface.

T E T T H i F T 1 T
L0k -
5O00°K ) 250°K
foX:13 J
£ L N
- 05 2 ; \\
b / / \
0.4 / -
0.2+ -
i i i I [l 1 H i L I}
0.2 0.5 i 2 5 IC 20 30 50

WAVELENGTH {mitrons)

*iy. 1. Blackbody spectra for temperatures roughly corresponding
to the sun (6000° %) and the earth (250° X), normalized
at the wavelenth of maximum emission, A,. (After Fieagle
and Businger, 1963).
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Accurate measurements of Fy and F+ are particularly difficule
in the polar regions where dew or frost formation on the transpar~
ent dome shielding the vradiation sensor 1s a coanstant problem
throughout the year. Because of the need for continual clearing
and maintenance of the dome and problems with moisture inside the
instrument, observations of longwave radiation are seldom carried
out on a routine basis. However both Fy and F can be estimated
from other iaformation, Surface temperature data are freguently
used with eq. (5.1} to calculate F+. Longwave emissivities (gr)

of the ice, leads and melt ponds are all c¢lose to 0.97; £ = 0.99
when there Is a snow cover.

If the vertical structure of temperature and humidity in the
lower troposphere are known, Fy can be calculated by wvarious
techniques, e.g., Elsasser’s method (Haltiner and Martin, 1957).
Such data are generally not available 1In the polar regions, so
these techniques are seldom used there. Because a large fraction
of Fy is emitted by clouds and water vapor located relatively
close to the ground, attempts to parameterize Fy on the hasis of
surface observations have been fairly successful., Afir temperature
(T,) at screen height (2 m), the partial pressure of water vapor
near the surface (ey), and the fractional cloud cover {C) are all
correlated with Fy, but the degree of correlation depends on geo-
graphic location. For example, a formula which produces good
results in the tropics would not necessarily perform well in the
polar regions. Longwave parameterizations have the form

1, = E*GTi

where £% dis an effective emissivity for the atmosphere and is a
function of £ aund ey, Three different formulations for =% have
been developed for arctic conditions. Maykut and Church (1973}
analyzed some 3000 sets of hourly observations of Fy, T, e, and

C taken throughout an entire vear ab Barrow, Alaska and obtained
the expression

€% = 0,7855(1 + 0.2232 ¢2:75) | (5.2)
Unlike studies at lower latitudes, they found no correlation be-
tween e, and Fy, presumably because the average water vapor content
(eg = 1=2 mb) of the atmosphere Is so low. With winds usuaily
blowing from the ice pack, Barvow type conditions should obtain
throughout much of the Arctic Basin.  Equation {5.2) provided a
fairly good match for the data —-- the standard deviation of the
percent difference between observed and predicted wvalues was 12%
under clear skies and 7% under overcast skies. The reason for the
nonlinear dependence on cloudiness is uncertain, but a similar de-
pendence has been reported by Laevasiu (196G) for shoriwave radia-
tion and by Kirilova (19532} for longwave radiation.

FHE SURFACE HEAT AND MASS

jce in the Central Arctic {(Marshunova
in parentheses take into account the

Radiation balance {(MJ] ? mo~l) of perennial

1961; Maykut and Untersteiner 19713,

ef fects of summer melt ponds.

Table 5.1.

Numbers

Feb Mar ApT May Jun Jul Aug Sep Oct Nov Dec Year

Jan

Tonamina T anaraus
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An alternate expression for &% inp the Arctic, based on month-
ly averaged data, was suggested by Marshunova (1961])

e% = (0.67 + 0.05v,) (1 + ng) (5.3)
where e, 1s in mb and a is an e
with season, being (0,22 in mid-summer and increasing to 0.30 in
the winter, The linear dependence on cloudiness was justified
because conditions in the Arctic are "usually either overcast or
clear,”" so that conditions in between are not very important to
the monthly averages. The effect of e, in eq. (5.3} is to cause a
I0-15% increase in % between winter and summer, although this is
partially compensated for by the decrease in n. The reason for

such a dependence to show up in the monthly data and not in the
hourly data of Mavkut and Church is unknown,

mpirical parameter which varies

Idso and Jackson (1969) derived a complex

formula for g %
under clear skies

*
£o = 1 = 0.261 exp[-7.77 - 10~4(T, - 273)2] ., (5.4)

Using clear sky data from Barrow, we compared predictions made by
2q. (53.4) with those of eq. (5.2} (¥ = 0.7855) and found no
discernible difference in the accuracy & the two methods. When
8q. {5.4) was used in conjunction wit

h Marshunova's {1+nC) cloud
factor, the correlation between observed and predicted values was
0.78 as compared to the 0.92 obtained with eq. (5.2).

The dependence of Fi, on T, and € for the
shown in Figure 2. Equations {5.2) and (5.3) are fairly close for
clear and overcast conditions, and both exhibir a stronger tempera-—
ture dependence than eq. (5.4}, Maximum differences in predicted
values of Fpr are 10-15%Z. Choice of the "best" parameterization is
not really possible from this evidence. Equation (5.2) is supported
by the most data, particularly when 0<C<1, but was developed for
use with short term averages; eq. (5.3) requires input on e, and
n{t}), but appears to provide good long term averages; Idso and
Jackson claim that eq. (5.4) fits their experimental data with a
corralation coefficient of 0.992, but its application to the
Barrow data leaves in doubr the value of the more conmplex expres-
sion. While the differences in Fr predictions seem small, they
can lead to differences in the net longwave radiation totals of as
much as 200-300%. Additiconal studies are needed to develop im—~
proved methods of estimating Fy —- particularly useful would be
parameterizations using buoy and satellits observations.
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¥ig. 2. Comparison of the effects of cloudiness and air tempera-
ture (°C) on incoming longwave radiation as predicted by
parameterizations developed for polar conditions.

time. Because of the long days, summer values of Fp are sSurpris—
ingly large. In spite of the low sun angle and extensive cloud
cover, monthly totals for May and June in the Central Arciic {Table
1) equal or exceed those measured at many mid=latitude stations
such as Wew York and Chicago. According to Marshunova {1961),
thare ig littie spatial wvariation in monthly ¥y totals across the
Aretic Basin during the summer months. Most of the shortwave radi-
arion reaching the surface of the ice is diffuse rathey than direct
due to the extreme cloudiness {({>0.9 from June through Septembar ).
Table 1 clearly shows that T, is asymmetric about the summer
solstice —-- much more shortwave epergy arrives at the surface in
May and early June than in late June and July. This skewness
results from (1) increasing optical thickness of the szatmosphere
throughout the summer warming, and {ii) a decrease in the diffuse
radistion caused by decreasing surface albedo.

At low and mid-latitudes, reflection and absorption by clouds
commonly reduce ¥, at the surface by as much as 80-9%0%. Because
of their thinness and low water conteat, arctic clouds rarely
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decrease the incoming shortwave radiation by more than 50%
{Vowinckel and Orvig, 1962). Under clear skies only about 45% of
Fy lies in the visible region (0.4~0.7 Um); under overcast skies
this figure increases to ahout 65%. Light absorption by clouds in
the near-infrared {(D.7-2.5 u m) increases with increasing wave-
lengeh. Optical measurements (Grenfell and Perovich, 1984) indi-
cate that arctic clouds absorh nearly all the energy above 1.4 um,
but transmit substantial amounts in the C.7-1.4 um region (Fig. 3).,
Attenuation at 1.2 um is roughly three times ag large as at 0.7um.
An example of how seasonal variations in cloud cover affect the
transmission of light through the entire thickness of the atmos-
phere in the polar regions is given in Figure 4, A5 is to be

expected, the total transmissivity (1) is sensitive to atmospheric
moisture content -- maximum values occur in the spring when T4 and
®a are still low, but solar elevation high. The general trend
toward smaller values of T

in all cloud categories after April re-
flects increasing moisture content of the air and thicker clouds.

Although shortwave measurements are
longwave ones, parameterizations of
large~scale heat balance studies
Parkinson and Washington, 1979),

less troublesome than
Fr are frequently useful in

and pumerical modeling (e.g.,
Parameterizations of Fr generally

{3} [W/mz nmj

F:l'

0.4 o8 1.2

1.6 2.0 2.4
WAVELENGTH (microns)

The effect of a heavy overcast op the Spectral distribu-
tion of dincident shortwave radiatien during the early
summer at Point Barrow, Alagka. The decrease in the
total amount of incident shortwave radiation from clear
sky conditions {solid curve) to overcast conditions

{dashed curve) is ahour 457, (After Crenfell and
Perovich, 1984). :
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Fig. 4. The relation of total atmospheric transmissivity to cloud
cover and season at Point Barrow, Alaska. {After Maykut

and Church, 19733},

have the form
F o= a*F
b

where F, is the downwelling shortwave radiation at the surface in
the absence of clouds, and a* represents the fractional attenua-—
tion by clouds. F, depends on hour, day and latitude. Both ¥,
and F, can be calculated theoretically from wvarious radiative
rransfer models of the atmosphere {e.g., Leckner, 1978; Wiscombe,
1975), but the procedures are cenerally too involved to, be used in
routine applications. Cruder estimates of F, can be obtained from
empirical relationships between air mass, water vapor content, and
radistion depletion (e.g., Houghton, 1954). A particularly conven-
ient form for ¥, was given by Zillman (19723

S cos2 Z
2]

¥ ==
O 1.085 cos Z + (2.7 + cos Z)ea ’ 10—3 + 0.1

(5.5)

where §, is the solar constant, ez is in mb, and Z is the solar
zenith angle, a funetion of latitude, day, and hour.

To judge the performance of eq. (5.5) in the Arctic, we looked
first at daily totals of Fp from Point Barrow under clear skles
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and calculated the ratio (R) of the predicted Fy to the observed
F, {(see Table 12). Equation (5.3) underestimated daily totals
throughout the spring, but the error decreased as temperatures
warmed until late in the melt season when eq. (5.5) began to over—
estimate Fy. Monthly values of F, have been tabulated throughout
the Arctic Basin by Vowinckel and Orvig (1962b). Comparison of
monthly totals derived from integrating eq. (5.5) with those given
by Vowinckel and Orvig at various latitudes between 70 and 909N
indicates that eg. ({(5.5) consistently underestimates Fo = by an
average of 147 in May, 7% in June, 3% in July, and 6% in August.
The reason 1s probably related to the smaller amount of water
vapor 1n the polar atmosphere and to multiple scattering of
reflected radiation between the ice and clouds. All in all, the
Zillman equation performs quite well, but it appears that a high
latitude correction may be desirable over the pack ice. On the
basis of model calculations, Shine (1984) reports that improved
performance can be obtained from eg. (5.5) over ice and snow if
the denominator is changed to cos Z + (1 + cos Z) ea'10”3 + 0.046.

A summary of Soviet investigations into the effect of cloudi-
ness on Fp in the Arctic has been given by Marshunova (1961).

They were able to obtain good agreement with observations with an
expression of the form

a® = 1 ~ kC (5.6)

where k depends on season {(l.e., cloud thickness), increasing from
0.15 in March to 0.3 in July and August. When compared with daily
values of € and F,. observed at Point Barrow, egs. {5.5) and {5.6)}
generally produced agreement to within 10-15%. Fquation {5.6),
however, provided no congsistent agreement hetween monthly values
when used with the data of Vowinckel and Orvig (1962h, 1962a).
Laevastu {1960) suggested that

at = 1 -~ 0.603 . (5.7)

When tested with the Point Barrow data under overcast conditions,
eg. (5.7) always underestimated F., in some cases by as much as
40-50G%. Equation (5.7} thus appears to be more suitable for de-
scribing the eoffects of lower latitude clouds. Surprisingly, when
used with the wmonthly data of Vowinckel and orvig, eq. (5.7)

Table 5.2. Ratio of predicted F, to observed Fy for clear days at
Point Barrow.

Date 1 March 22 March 7 April 30 May 12 August

R 0.76 G.80 .92 0.95 1.08

i R A R

e R
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produced monthly totals of F,. between May and September which usu-
ally agreed with their values to within 10%. The reason for such
close agreement is wuncertain, but the range in cloudiness was
quite limited (0.75-0.90).

Optical Properties of the Ice Pack. The optical properties
of the ice determine how it interacts with shortwave radiation.
We shall be concerned here primarily with the albedo (w) and the
extinetion coefficient (k). 7The albedo is defined as the ratio of
reflected to incident shortwave radiation. During the winter,
when the ice is covered by fairly dense (BS = (.35 Mg m=3) wiad
blown snow, albedos are typically in the range 0.80-0.83. As the
snow warms and becomes more dense, its albedo decreases to about
0.70-0.75 at the onset of melting. The albedo of bare sea ice is
quite variable, depending on temperature, age, and state of the
surface., Measurements on thick pereunnial ice give albedos between
0.70 and 0.75 when the ice is cold, and between 0.55 and 0.70 whe~
the ice is melting:; albedos of thick (1-2 m) first-year ice ar.
0.5-0.6 when it is cold and 0.3~0.5 during meliting. The larger
albedos of multivear ice are due to a higher vapor bubble density
and a thicker scattering laver at the surface. The presence of
meltwater puddles during the summer melt season Increase the
amount of shortwave radiation absorbed by the ice pack. Pond
albedos vary over a wide range, from 0.4 for shallow ponds early
in the meit season to 0.15 for deep ones at the end of the summer.

Spectral albedos (C%A) have been measured by Grenfell and
Maykut (1977) over many tvypes of surfaces in the Arctic. Figure 5
shows albedos of several kinds of first~year and multiyvear ice.
Albedos are falrly constant across most of the visibhle (400-700
nm) spectrum, but begin to decrease upon reaching the red wave
lengths. There is little difference between the albedos of frozen
and melting multivear ice in the visible region, but the increased
liquid water content of the wmelting ice increases absorption in
the infrared oroducing a substantial decrease in g{X > 700 om).
There are two main surface types on melting first-vyear ice: (i)
water saturated blue ice and {ii) white ice which consists of =
drained, granular surface layer 5-10 cm in thickness underlain by
the blue ice. Spectyral albedos of first-year white ice are very
close to thosa of the wmelting multiyear ice at long wavelengths,
but are much smaller at shorter waveilengths. The reason for this
is that light penetration is small at long wavelengths so Oy is
determined by the properties of the surface layer; at shorter wave-—
lengths, backscatter from the ice beneath the surface layer be~
comes important. In the case of melting first-year white ice,
there is less backscatter from the underlying bliue ice in the 400~
600 nm range, hence the observed decrease in 0, . The further
decrease in the albedo of the blue ice {curve d " at short wave-
lengths is due te the absence of the white layer, and at longer
wavelengths to increased liquid water in the surface layer.
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00 800 800 000
WAVELENGTH  {nm)

Fig. 5. Spectral albedos observed over bhare sea ice: {aY frozen
multiyear ice, (b} melting multiyear ice, {c) melting
first~year white ice, and {(d) melting first-year blue ice
{afrer Grenfell and Mavkutf, 1977).

Figure & shows spectral albedos observed over snow and melt
ponds. The albedo of dry compact snow is high and has only a weak
dependence on A. Increasing density and liquid water content de-
crease 0O, particularly in the infrared. The albedos of both snow
and ice decrease strongly above 1000 nm, reaching values of 0.1 or
less at 1400 mm (Grenfell and Perovich, 1984)., The albedo of pond
covered ice is characterized by a maximum at short wavelengths and
2z dramatic decrease between 500 and 800 am. Because water in the
ponds 1is telatively transparent at short wavelengths, values below
500 om are determined primarily by the scattering properties of
the underlying jice. The transition zone (500-800 nm} represents a
region where g, becomes increasingly insensitive to the underlying
ice as absorption by the water becomes the dominant factor. Above
800 nm absorption by the water is so large that is determinad
only by Fresnel rteflection from the pond surface. Thus most of
the albedo difference between individual ponds occurs in  the
visible where it 1is readily apparent to the naked eve,

THE SURFACE HEAT AND My

LO—

0B8R

06—

ALBEDO

O4

0.2

Ol
400

Fig. 6. Spectral alhed
snow, (b) wet
melt pond wit
{f) mature mel
{h} old melt p

The total albedo -
fo  F_()da

JE_(Godh

Although o, 1s indepe:
the total albedo, the

%y and the spectral d:
is because clouds remo
fong wavelengths than
from the more reflect

more heavily in the
of summer albedos unde
Table 3.



G. A MAYKUT

-‘-ﬂ—tﬁ
i
1000

i@ dice: {(a) frozen
ice, {e) melting
first-year blue ice

over snow and melt
nd has only a weak
| water content de-
‘bedos of both snow
ng values of 0.1 or
The zlbede of pond
ort wavelengths and
cause water in the
agths, values below
ing properties of
JO0 nm) represents a
to the underlying
1ant factor. Above
is determined
ceq Thus most of
Is occurs in the
I eye.

THE SURFACEHEAT AND MASS BALANCE 407

1

1.0

0.8

N

04

h
0.2

ALBEDO
i \ f f
& ///)
/////m///
] 1////////////////

¢}
4

8]

600 800 1000
WAVELENGTH  {nm)

Fig. 6. Spectral albedos observed over snow and melt ponds: (s) dry
snow, {b) wet new snow, (c) melting old snow, {(d) frozen
melt pond with 3 cm of ice, (e) early season melt pond,
(f) mature melt pond, (g) melt pond on first-year ice, and
(h} old melt pond {after Grenfell and Maykut, 1977),

The total albedo can be expressed as
f@AFr(A)aﬁ

fF_ovan

Although &, is independent of ¢loudiness, clouds tend o increase
the total albedo, the size of the increase being dependent on both
Oy and the spectral distribution of the incident radiation. This
is because c¢louds remove proportionately more energy from Fr(X} at
long wavelengths than short ones {Figure 3), so that contributions
from the more reflective shorter wavelength region are weighted
more heavily in the integral when the sky is overcast. Examples

of summer albedos under clear and overcast skies are presented in
Table 3.
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Table 5.3. Total albedo as a function of ice type and cloud cover
during the summer melt season. (After Grenfell and
Maykut, 1977).

Ice Type Clear ’ Overcast
0ld snow 0.63 0.77
White ice 0.56 0.70
First vear blue ice .25 0.32
Mature melt pond 0.22 (.29

Scattering and absorption cause light to be attenuated as it
passes through the ice. This attenuation 1is characterized by a
spectral extinction coefficient

_ 1 4F
Ky T TF(z.n) dz (5.8)

where ¥{z, ) is the downward shortwave flux at a depth z and wave-
leagth A. Figure 7 shows measured values of « for various Lypes
of ice and snow. Extinction coefficients in all cases were rela-
tively constant in the 400-500 nm region, but increased sharply at
longer wavelengths—-x; at 750 nm was typically 45 times as large
as at 500 nm. The greatest attenuation was observed in cold snow
where x3's were roughly 4 times as large as those in the surface
iayer and about 20 times those of the interior ice. With the onset
of melting, 1.'s in the snow decreased by a factor of 2. The tran—
gition zone in Figure 7 describes a 10-15 cm thick region where
the decomposed surface laver grades into the more uniform interior
ice. The difference between #3's for firsteyear and mulriyear
interior ice were caused by differences in brine volume and bubble
density. The low values observed in curve {f) were the result of
extremely large brine volumes (20-55%) in the ice beneath the pond.

Experimental evidence {Grenfell and Maykut, 1977} indicates
that ky 1is independent of depth as long as the ice Is reasonably
aniform. The flux at any depth within this homogeneous layer can
be found by integrating eq. (5.8) to obtain Beer’s law

F(z, ) = FL0,)e" )& (8)

where F{D,\} is the net shortwave radlation at the surface . at
wavelength i . TFor practical applications, however, it is usually

the total flux in the ice, F, =‘?F(z,k)ék, which is of interest.
5]

Tf we define the bulk extinction coefficient as the ratio of the
total energy absorbed at depth =z fo the total flux at depth =,
then
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where ¥, 1s the net total shortwave radiation at the surface,
ts the ratio of the

(e d) .
flux at depth =z, f{1- ) F(0,n)d)x. Grenfell and Maykut have calculated «,’s for

0
hoth first—year and multiyear ice ({Figure 8). They found that
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Fig. 8. Bulk extinction coefficients in multivear ice (solid
curve} and first-year blue ice (dashed curvej. {After
Orenfell and Mavkut, 19773}.

K,’s depend strongly om z in the upper 10-20¢ em, but have only a
weak dependence below this. Bulk extinetion coeffllclents below 5
cm were not affected by cloudiness. Bulk values in the lower part
of the ice were in good agreement with Untersteiner (1961) and
Chernigovskii (1963) who measured average extinction coefficients
of 1.5 m~! in perennial ice.

Absorbed and Penetrating Shortwave Radiation. The net loput
of shortwave radiation at Che surface of the ice is simply (1-0)F,.
Monthly averages over perennial arctic ice are shown in Table 1.
About 85% of the annual total is absorbed between the first of May
and the end of August. Although F, is largest In June, the high
albedo of the snow cover reduces the June total below that of July.
Complicating shortwave absorption in the summer Arctic are low
albedo melt ponds whose areal coverage varies greatly in both time
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and space. Coverage on multivear ice may briefly reach 56-60%
during the final stages of snow melt, but it quickly decreases to
about 30% once the ice becomes snow-free. Deepening and consolida-
tion reduce the areal extent of these ponds throughout the summer,
producing wvalues of about 10% by late Avgust. Due to low surface
relief, initial melting on first-year ice often results in nearly
complete pond coverage. Evenrn late in the melt cycle, ponds can
asccount for 60% or more of the surface area on seascnal arctic
ice. This pattern does not occur in the Antarctic where ponds
appear to be uncommon. For this reason it 1is generally believed
tht ponds are mnot a significant factor in the heat and mass
halance of the Antarctic ice pack.

A rough estimate of the effects of melt ponds on shortwave ab-
sorption in the Central Arctic is presented in Table 1, assuming
an average pond coverage of 307 during July and 10% during August.
According te Langleben (1971), this would result in area averaged
albedos of 0.49 in July and 0.56 in August, increasing shortwave
input to the ice pack by 20% in July, 40% in August, and 12% for
the year. Pond effects are somewhat greater in reglions of seasonal
ice where average albedos may drop as low as 35-40%. In ecoastal
aregs, melting is enhanced not only by the ponds, but alsc by the
presence of wind~borne dust from the nearby land, While ponds
play an important role in the decay, breakup and retreat of season-
al arctic ice, their impact on multiyear ice appears to be more
limited. 1In the latter case much of the absorbed shortwave energy
is stored as latent heat in ponds and brine pockets where it is
eventually released te the atmosphere during the fall freeze-up.
Theoretical calculations {(Maykut and Untersteiner, 1971) indicate
that this temporary heat storage has little effect om the average
thickness of perennial ice.

Because ice is a translucent material, part of the net short-
wave radiastion (I,) is transmitted through the surface laver and
does not Immediately contribute to temperature or mass changes at
the surface. Accurate prediction of surface changes therefore
requires some method of estimating the magnitude of I;. Measure-
ments made in wmultivear white ice during the summer melt season
{Untersteiner, 1961} indicate that about 30% of the net shortwave
radiation is stored as latent heat within the ice, rather than
being used directly at the surface. Theoretical calculations
{Grenfell and Maykut, 1977) show that this is roughly equivalent
te the amount of energy transmitted through the upper 10 cm of
white ice. Thus, it appears reasonsble to assume that Iy = F, (z
= 10 cm). If we define i, to be the fraction of the net shortwave
radiation transmitted below 10 cm, then

IQ = io<1 - a>Fr @ ‘(5910)

Grenfell and Maykut show that i, depends on g and the

xS
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spectral distribution of the incident radiation, then calculate
the effects of cloudiness on i, for various types of melting seaz
ice (Table 4}. The fact that ¥, does not depend strongly on ice
type, cloudiness, or depth in the interior of the ice suggests a
simple way to estimate F, below 10 em. From eqs. (5.9) and (5.10)
it follows that

F, = ig(l = o)Fge~K(Zz = 01 (5.11)

where X 1is the average bulk extinction coefficient in the lower
part of the ice. GFEquation 5.11 provides the best fit to observa-
tions when K = 1,5 m~

5.2.2 Turbulent Heat Exchange

Sensible heat is transferred across the lower part of the bound-
ary layer as a result of temperature differences between the ice
and atmosphere. Energy 1s likewise exchanged by the release of
latent heat associated with evaporation, condensation, and sublima-
tion. Apart from emitted longwave radiation, the sensible (FS)
and latent (F,) heat fluxes are the only means of transporting
energy from the surface into the atmosphere. Discussions of the
surface energy balance in polar regions freguently dismiss Fy; and
F., as being one to two orders of magnitude smaller than the
radiation fluxes. However, while the iandividual radiation compon-
ents are indeed large, the net radiation balance is small {Table 1}
and contributions made by Fy; and F, becowe significant when com-
pared with the net radiation. Theoretical calculations (Maykur
and Untersteiner, 1969} have, for ewample, shown that the thickness
of multiyear arctic ice is very sensitive to changes in Fg and 7,
during the summer, indicating that the turbulent fluwes are an in—
tegral part of both the heat and the mass balance of an ice cover.

The rate at which heat is transferred by the turbulent fluxes
depends on the roughness of the surface, the speed of the wind, the
stability of the boundary layer, and the size of the temperature
and water wvapor gradients. imfortunately the turbulent fluxes do
not lend themselves readily to direct measurements, Eddy

Table 5.4. Fractlon of the net shortwave radliation reaching a
depth of 10 ce {i,) in wmelting sea ice according to
Grenfell and Mavkut (1977).

Ice Type Clear Gvercast
White ice S 18 «35
Blue ice/melt ponds #43 63

T A T O S
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correlation methods are difficult under arctic conditions and have
been applied for only short periods of time. Most determinations
of Fg; and ¥, have been derived by profile methods which contaln
various assumptions about the structure of turbulence. The most
commonly used parameterizations are

F

s = pepleu(Ty — Tg)d (5.12)

and

#

Fe = pllgulqy ~ q4) {5.13)
where p is the density of the air, p is the specific heat of the
air, T, is the air temperature at some reference height (usually
10 m), T, is the temperature of the surface, u is the wind speed
at the reference height, L is the latent heat of vaporization, g,
and q, are specific humidities at the surface and reference level,
and Cy and Cg are bulk transfer coefficients for sensible and
latent heat {Deardorff, 1968)., Specific humidity can be expressed
in terms of the partial pressure {(mb) of water vapoer (e} and the
total atmospheric pressure (P)

_ _0.62%¢ _ 0.622e
1% % .0.378 P

gsinee P >> e. Alr at the surface of the ice is assumed to be satu-
rated so that eg. {(5.13) is frequently written

Fe = 0.6220LC u(reg, = egq)/P (5.14)

where r is the relative humidity at the reference level and ey is
the saturation vapor pressure, & function of temperature. Numerous
expressions have been obtained for ey (T) either by integrating the
Clausius—Clapeyron equation or by firting empirical data (e.g.,
Richards, 1971; Maykuz, 1977).

Turbulent heat flux wvalues obtained by profile techniques
over multivear arctic sea ice are compared In Table 5. The esti~
mates of Badgley {1966) were based on half-hourly aversges taken
2t U.8. Drifting Station Alpha, while the resulis of Doronin
{1963) were obtained from data gathered at several Soviet sta-
tions. The most comprehensive calculations are those of Leavitt
et al. {1978} who reported & hour totals of Fg and F, throughout
the year using observations taken during the Arctic Ice Dynamics
Joint Experiment (AIDIEX). These results show that, wunlike the
situation over temperate and tropical oceans, F, is mnegligible
during much of the pelar year (November-April in the Arctic).
Even during the summer, F, fails to dominate the turbulent ex-
change. In July and August, for example, the average daily magni-
tudes of Fg and F, are nearly equal. Values givén by Deremin for
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both Fg and Fp tend to be larger than those of either Badgley or
Leavitt et al. Doronin’s winter totals of F, are consistently 2-3
times as large as these of Leavitt et al.; in the summer Doronin
zhows substantial heat Josses due to both Fg and F,, while Leawvitt
et al. find rvelatively small losses due almost entirely to Fa-
hadgley’s results are intermediate between those of the other two.
Leavitt et al. took imto account the effects of stability, hence
the smaller winter wvalues for Fg could be the result of a more
realistic description of conditions in the highly stable winter
boundary layer. The small summer totals of Leavitt et al., how-
ever, obscure the vigor of turbulent transfer during the melt
season. Daily totals obtained from Leavitt et al, indicate that
Fy has about the same magnitude during the summer as during the
winter. The difference is that during the summer positive and
negative values alternate frequently, resulting in small monthly
totals. Surprisingly, the variance of the daily totals is some-
what higher during the summer thaan during the winter.

It is not clear what portion of the differences in reported
values for Fy and ¥, are real and what portion are due to errors
in measurement or analysis techniques. Probably the greatest un-
certainity in the profile method is in the choice of suitable
transfer coefficients. Eddy correlation measurements by Thorpe et
ala {1973) yielded average values of Cg = 1.2 - 10-3 and Ce = 0.55
- 1073, Observations in the wunstable boundary layer over a
refreezing lead (Lindsay, 1976; Andreas, 1980) gave average values
close to 3 * 1073 for both Cg and Co. However, roughness length
measurements carried out by Untersteiner and Badgley (19653) on
relatively uniform multiyear sea ice suggest temporal wvariations
of an order of magnitude in the transfer coafficients. Differenc-—
es in surface geometry (hummocks, pressure ridges, etc.) can change
the drag coefficient by as much as a factor of two (Banke et al.,
1980). At this point we lack sufficient informatiom about spatial
and temporal variations to say with any degree of confidence what
constitutes representative wvalues for the turbulent fluxes over
the ice pack. low level aircraft measurements can provide data on
spatial changes, but ground-based eddy correlation measurements
are needed to monitor changes over lomger periocds of time.

While a few measurements of Fg and Fe have been made near
coastal sites im the Antarctic, little is known about their magni-
tude elsewhere in the Southern Ocean. Other evidence, however,
indicates that turbulent heat transfer is generally more vigorous
than in the Arctic and that the turbulent fluxes assume a corre-
spondingly wmore dimportant rvole in the heat and mass balance of
Antarctic sea ice. An analysis of surface energy fluxes over the
ice in the two hemispheres (Andreas and Ackley, 1982) suggests
that lower relative humidities and higher average wind speeds in
the Antarctic lead to turbulent heat losses which are sufficiently
large to dnhibit surface melting during the summer. Given a
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similar net radiation balance, Andreas and Ackley coaclude that
alr temperatures in the Antarctic must be 2-4°C warmer than in the
Arctic before surface melting can be initiated. Differences in
surface roughness and cloudiness may also affect the relative im-
portance of Fy and F, in the two regiomns, but considerably more
data must be acquired in the Antarctic before a final assessment
will be possible.

5.2.3 Conductive Heat Flux

Except for the summer melt season, temperaturaes in the upper
part of the ice are colder than rhose at the underside, causing an
upward conduction of heat. The amount of heat reaching the sur-
face depends on the temperature gradient at the surface and the
thermal conductivity of the ice (ki)

- aT
i‘{: b kl(—'a“z")o ®

In pure ice, the conductivity (ky) depends on temperature {T) and
can be approximated by the relation kg = 9.828 exp(-0.0057T),
where T is in ©K and %, in W m™! ok~l (ven, 1981). A& typical
value for k, in warm ice is 2.1 W m~b og=l,  geat transport in sea
ice 1s complicated by the presence of brine pockets which decrease
its thermal conductivity relative to that of fresh ice, Detailed
theories, taking inte account the effects of brine pocket distribu-
tion, air bubbles, and precipitation of solid salts on ki, have
been worked out (Anderson, 1958; Schwedtfeger, 1963). Untersteiner
(1961} found that ky was directly related to the brine volume and
intreduced the approximate formula

834
kg o=k + {5.15)
i

where 8y is the salinity of the ice in ppt, Ty is in ©C, and B =
0.13 W m~l, Although somewhat crude, eq. (35.15) is particularly
convenient in applications requiring a simple functional relation—
ship between Rj, T; and $j. Under natural conditions k; varies by
10-20% in perennial ice and by up to 30% in young ice. Monthly
totals of F. iIn perennial ice are remarkably constant between
September and April, varying between 30 and 40 MJ w2 mo~! (Maykut
and Untersteiner, 1971}. This 1s due to the increasing thickness
of the snow cover as temperatures cocl during the fall, and to the
relatively constant snow depth and temperature averages during the
winter.

Except during the melt season there is an upward flux of heat
in the {ce which supplies much of the enargy needed to balance the
longwave loss at the surface. Over an anmual cycle the amount of
heat conducted to the surface of multiyear ice is the sum of the
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sensible heat input from the ocean {Fw), the latent heat released
by bottom accretion, and the shortwave energy temporarily stored
in brine pockets and surface melt ponds. For perennial arctic
ice, F, averages about 8.8 W m'z, of which 20% is supplied by the
ocean, 40%Z by bottom accretion, 30% by release of heat stored in
the brine pockets and 10% by the freezing of surface meltwater.
in young ice, F. can be more than two orders of magnitude larger
than in multivear ice. Over the course of the entire growth
season the amount of heat conducted to the surface of seasonal ice
is roughly 2 to 3 times the annual total for perennial ice.

Because of its low thermal conductivity (kg = .31 W ol og-ly,
snow insulates the ice from the air, decreasing the rate at which
the ice loses heat dering the winter. TFigure 9 shows the depen-
dence of F. on snow depth (k) in peremnial ice. There is roughly
a factor of three decrease in F. as hg increases from 0 to 100 cm.
The rate of decrease in ¥. 1s most rapid when hy is small. As hg
increases, temperatures In the underlying ice become less sensitive
to T, and more sensitive to the temperature at the bottom of the
ice, producing the decreasing effect on F,. with imcreasing hg.

W/ m*)

CONDUCTIVE HEAT FLUX

i H H L
0 20 40 €0 80 100

(]

SNOW DEPTH {cm}

Fig. 9. Effects of snow depth on heat conducted to the surface of

perennial ice during mid-winter (solid curve, T, = -349C)

and early spring {dashed curve, T, = -22°0).
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Heat coaduction through young sea ice {Figure 10) is much more
sensitive than the thicker ice to changes in hy when hg is snmall,
but is less sensitive when hg 1is large, This is because the
thermal conductance [y kg/(kgH + ki hg)l of the combined ice-snow
slab is dominated by the properties of te snow cover when the ice

is thin (Maykut, 1978). For the cases shown in Figure 10, F. is
essentially constant once hg exceeds 15-20 cm.

5.2.4 Oceanic Heat ¥Flux

Observations of ablation at the underside of the ice {Badgley,
1966) and thecretical calculations (Untersteiner, 1964; Maykur and
Untersteiner, 1971) indicate that there is a nat flux of heat from
the occean (Fy) to the underside of the ice on the crder of 2 W m™2
in the Central Arctic; little is known directly about F, in areas
of seasonal ice, The source of this energy has usually been
ascribed to heat advected into the Arctic Dcean from the Atlantic.
A relatively warm layer of Atlantic water can be identified
throughout much of the central basin. FEstimates of the rate of
heat loss from the Atlantic layer in the Central Arctic {(Panov and
Shpaikher, 1964) indicate average rates of 2.0-2.6 W m'z, consist—
ent with the other evidence. Other investigators {Aagaard st al.
1981), however, have suggested that temperature changes in the
Atlantic layer are not due to the upward loss of heat to the ice,
but rather to mizing with colder shelf water. A more likely
source for ¥, may thus be shortwave energy which enters the upper
ocean through leads. This possidbility will be explored in more
detail ia Section 5.4. The largest values of Fy In the Arctie
probably occur in the Fram Strait region where Atlantic water
enters the basin and is still ¢lose to the surface.

In the Antarvetic, surface ablation generally appears to be
small (Andreas and Ackley, 1982), indicating that the seasonal dis-
appearance of the ice pack must be caused almost antirely by energy
contained in the water. Although shortwave radiation absorbed in
the upper ocean must be a major component of F, there, heat from
the deeper ocean also appears to be important. Cordon {1981) esti-
mates that up to 50% of the Fw could be derived from water below
the pycnocline, but the uncertainty in this estimate appears to be
large.

5.3 TICE GROWTH

5.3.1 General Pattern of Growth and Decay

When discussing ice growth in the polar cceang, it is conven-
leat to consider areas of seasonal and perennial ice separately,
Ice in the seasonal sea ice zone {SSIZ) forms in the fall or winter
and melts away completely during the following sprimg and summer.
Seasonal sea ice may reach & maximum thickness anywhere from a few
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Fig. 10, Effects of snow depth on heat conduction in young ice
during mid-winter (T, = -34°C). The dashed curve shows
10 cm thick ice and the sclid curve 50 em Chick ice.

centimeters to a couple of meters. In areas of perennial ice, the
climate is such that ice formed during the fall does not melt com-
pletely during succeeding summers. Figure 11 follows the growth
of ice in the Central Arctic under climarie conditions which are
assumed to be wniform from year to year. Note that the net in-
crease 1in ice thickness slowly decreases as the average thickness
beccmes larger. Eventually vear to vear thickness changes become
negligible and the idce is said to be in eguilibriue with its
environment. Figure 12 shows in nomographic form how, wunder
steady c¢limatic conditicns and no dynamic motions, thickness
dependent changes in ablation and acecretisn cause the dice to
approach an equilibrium thickness {Hg}. While changes in climate
and advection of ice into different climatic regions prevent this
ideal from ever being attained exactly, the concept is useful in
numerous heat and mass balance problems. Equilibrium thickness in
the Central Arcric is on the order of 3 m, but the average thick-
ness tends to be somewhat larger because of dynamic effects dis-
cussed in Secticn 5.4.

ez ice extent in the Northern Hemisphere is sketched in
Figure 15.1 where we see that most of the Centval Arctic Ocean is
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Fig. 11. Pattern of ice growth in the Central Arctic. (After
Maykut and Untersteiner, 1971),

covered by perennial ice and most of the peripheral seas by season-
al dce. There have been numercus studies of the Formation and
growth of young ice in the S8IZ, but most of the work ia the
Central Arctic has focused on thick multiyear ice. How well ice
growth equations derived from observations in the SSI7 describe
the growth of yeung ice in the Central Arctic is not known. Decay
of ice in the northern hemisphere $SI7 generally proceeds rapidly
following the onset of snow melt. Usually within a week or so
shallow meltwater puddles begin to cover the ice and a network of
surface drainage canals and vertical meir holes develop. Melt
ponds decrease the average surface albedo to as low as 0.4
{Langleben, 1971), greatly increasing the shortwave absorption.
In addition, warm winds from nearby land masses often accelerate
the surface melting of coastal ice where ablation rates can reach

04 m day~l, At the same time, shortwave radiation absorbed
within the salty seasonal ice causes internal melting and struc-
tural weakening. Cracking of the weakened ice produces leads

which absorb several times as much solar energy as the ice. Heat
absorbed in the water causes bottom ablation and lareral melting
on the floe edges, increasing the area of apen water and forming a
positive feedback loop. These processes can result in the com-
plete disappearance of the annual ice cover from sheltered bays
and fjords along the arctic coast in a month or less after breakup
begins {(Langleben, 1972).
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fig, 1Z2. HNomogram showing the theoretical dependence of accretion
{September-May) and ablation {June-August) on ice thick=-
ness under present climatic conditions in the Central
Arctic (after Untersteiner, 1962; Mavkut and Unterstein-—
er, 1969, 1971). Seasonal mass changes for any initial
thickness (H,) are obtained by first moving upward or
downward wuntil the accretion (W) or ablation (A&) curve
is encountered; following the slanted lines back to the
horizontal axis then gives the new ice thickness. This
procedure is illustrated by the heavy lines which show
examples of thickness changes over several annual
cycles. It can be seen that ice thickness approaches He
regardless of whether H, < Hg or Hy > Hg.

Similar melt processes take place in areas of perennial ice,
but with less dramatic results. Snow begins melting in June, with
most of the ice melt taking place in July and August -- total melt-
ing at the upper surface is some 500-600 kg 272, about .4 m of
snow and .4-,5 m of dce. While some melting {.1-.2 m) has been
observed on the underside of the ice {(Untersteiner, 1961; Hanson,
1965), the situation there is complicated by freshwater runoff
whichk brings about the formation of an ice laver (Yfalse bottom")
at the interface between the fresh and saity water (Hanson, 1965;
Martin and Kauffman, 1974). Field studies of the overall effects
of this freshwater on the mass balance of the ice pack have not
been made. Enhanced melting in ponded areas contributes another
«3=.4 m to the total mess loss, but part of this is returned when
the ponds remaining 1in the fall refreeze. Strong shortwave
absorption in the melt ponds can result in brine volumes in the
underlying ice of as high as 50%, compared to maximum values of
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about 16% in unponded ice. Typical brine volumes in bare multi-
vear ice lie in the 8~12% range (Schwarzacher, 1959). Melting of
young ice in leads and lateral ablation or erosion from floe edges
increase the open water fraction from about 2% in early June to
10-15% in August. Substantial wvariations in the amount of open
water can also be brought about as a result of general divergeace
or convergence of the region. Once freezeup beging in late August
or early September, it takes 3-4 months to cool the ilce enough to
release all the heat stored in the melt ponds and brine pockets
during the summer. As we will show in Section 5.4, freezing of
the open water formed during the melt seascon has an iImportant
effect on the overall heat and mass balance of the region.

With the exception of the Weddell Sea, most of the ice in the
Seuthern Qcean is seasonal (Fig. 15.2), however, the decay pattern
of this ice appears to be strikingly different from that in the
Aretic. Katabatic winds, higher latitudes, and lower oceanic heat
fluxes cause melt rates near the continental boundaries to be
small compared to those near the free boundary of the Antarctic
ice pack. Moreover, the melt ponds which are so characteristic of
ice decay in the Arctic have rarely been observed in the
Antarctic, and surface melting appears to be minimal. The reason
is related to differences in the meteorological variables that
control the surface heat balance. Surface melting in the Arctic
often takes place with air temperatures significantly below freez-
ing. Ia the Antarctic, Andreas and Ackley (1982) argue that lower
relative humidities and stronger winds enhance turbulent heat
losses from the ice and allow surface melting to occcur only when
air temperatures are above 0 9C, 2 condition rarely encounterad
over the ice cover in the Southern Ocean. Thus, decay and retreat
of fhe Antarctic ice pack are controliled primarily by the rate of
heat transfer at the ice-water interface. At this point, theve
are few details reparding this process.

5.3.2 Young Ice Growth

Empirical Relations. Field studies have shown that the thick-
ness {9y of young sea ice is clesely related to the cumulative
number of freezing~degree days 0, where

[t
g = J {?f - E‘a}éig: 5
o

Tf is the freezing point of the water and T; is the air tempera—
ture at screen height {usually 2 m). Typical results are those
obtained bv Andersen {1961} near Thule, freenland (Figure 13}. As
the ice becomes thicker, the relationship betwesn § and H becomes
weaker, e.g., Anderson observed ice thicknesses varying between 90
and 140 cm for & = 30009C day. Although Anderson’s data cannot be

L

THE SURFACE HEAT AND MAS!

F5Q) e
100}

&0k

ICE THICKNESS {cm)

Ct

Fig. 13. Relatiocnship
the cumulatiw
Anderson, 196]

fitted with a simple ¢
that a good approximatic

A2 + 5,18 = 6.78

where H iz in centimete
other relatienships b
abhservations near Cape

2 + 508 = 89

and by Lebedev {1938} u
various locations in th

H = 1.33838

¥ore complex, semi-emp
tee and Simpson (1934)

According to Ande
or no spow cover, whil
crowth under “average'
in location, climate



G. A MAYKUT

velumes in bare multi-
‘T, 1959).  Melting of
rosion from floe edges

2% in early Jume to
‘n the amount of open
of general divergence
beging in late August
ool the ice enough to
ads and brine pockets
lom 5.4, freezing of
son has an important
* the region,

08t of the ice in the
2r, the decay pattern
ent from that in the
i lower oceanic heat
‘al boundaries to he
ary of the Antarctic

so characteristic of
M observed in  the
minimal. The reason
tical wvariables that
lelting in the Arcric
‘leantly below freez-
782) argue that lower
ince turbulent heat
g to ocecur only when
I rarely encountered
18, decay and retreat
airily by the rate of
t this point, there

hown that the thick~
£o the cumulatrive

-8 the air tempera-
L results are those
d (Figure 13). 4as
en § and H becomes
varying between 90
on’s data cannot be

423
THE SURFACE HEAT AND MASS BALANCE

150 .

00—

60

ICE THICKNESS {cm)
o

| £
H
i0 Hely 10G0

CUuMULATIVE FREEZING DEGREE (C)} DAYS

i i ickness of young sea ice and
rig. - Relationship between the thic '
e the cumulative number of freezing-degree days. {(After
Anderson, 1961.)

. . a
fitted with a simple power law across its entire range, he foun
that a good approximation was obtained with

5.16)
HZ + 5.1B = 6.768 (

; o .
where H is in centimeters (10<H<E0 cm? and 6 has unlts(;glg)c gizm
Other relationships have been derived by Zubov
chservations near Cape Schmid:

{(5.17)
HZ + 50H = 88

i i from
and by Lebedev {1938) using 24 stations vears of observations
various locations in the Soviet Arctic

{5.18)
4= 1.33858

More complex, semi-empirical methods have also been developed by
Lee and Simpson (1%954) and Bilello (1961).

Acceording to Anderson, eq. (5.16) descrlbes(éﬁigylzisiiziiz
or noe snow cover, while Lebedev states that eq. % jaeseribes
growth under "average™ snow conditions. TDespite Fsiw(s Loyences
in 1location, climate, and snowfall, wegs. (5.1 .
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surprisingly consistent, Figure 14 shows that they generally
agree to within about 10 cm. The mere rapid growth given by
Anderson is to be expected because of the smaller amount of snow.
Increasing scatter in the observations at larger H indicate that
these equations are wvalid over a limited thickness range;
Anderson’s results imply an upper bound of about ! metar. The
closeness of the empirical results suggest that good estimates of
H can be obtained without specific knowledge of winds, cloudiness,
snowfall, oceanic heat flux, etc. On the other hand, it might be
argued that the magnitude of these quantities were similar because
the observations were all carried out eclose te land, or that there
were compensating effects (e.g., smaller hg but larger F,) which
obscured the importance of other factors. Observations taken in

conjunction with the ice growth measurements are inadequate fo
settle such gquestions.

Results from the above studies demonstrate that the rate of
growth of young ice is very sensitive to H. Figure 15 is basad on
Anderson’s data and shows that the growth rate decreases by almost

an order of magnitude between H = 10 and H = 100 cm. FEffects of
differences in air temperature decrease as H increases.
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Fig. l4. The solid curves show ice growth predictions by the
empirical formulas of Andersoen (A}, Lebedev (L), and
Zubov {Z}. Dashed curves show thecretical relationships
between ice thickness and degree-days obtained from eg.
(5.23) for different thicknesses (hg) of snow.
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Dependence of growth rates in young sea ice on thickness
for air temperatures of ~-10, ~25, and -~40°C.

Fig. 15.

It does not seem likely that analogous attempts to relate the
rate at which sea ice decreases in thickness during the summer
would be successful. Variastions in cloudiness, area of open water,
oceanic heat flux, surface albedo and the like would seem to be
equally dmportant. However, Bilello (1961) found a good fit to
near~-shore data with the eguation

AH = 0.55€7

where AR = the total decrease in ice thickness and 8" = the accumu-
lated degree-days above Tg. A least squares computation yielded a
correlation coefficient of (.93 and a standard deviaticon of 6.4
Che Bilelle also menticns another vrelationship developed by
Karelin for the Soviet Arctic

AH = 0,51(g" - 323

where 6" = the accumulated degree days sbove -3°C., The reason for
the correlations found by Bilelilo and Karelin must be due to fre-
guent dincursions of warm air from nearby land masses. It is
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doubtful whether such relationships could work away from cocastal
areas where summer values of Ty are invariably close to 0°C,

Analytical Relations. The strong dependence of ¥ on 8 ob-
served in the field can be shown to have a simple physical basis.
Let us consider a slab of ice thickness H and conductivity k.,
Temperature at the bottom of the ice is fized at the freezi%g
point of the water (T¢), while the temperature at the surface {(To
is free to vary im response to changes in the energy balance, 1If
the ice is thin, the temperature gradient in the ice will be essen-
tially linear and Folz = 0) = Fo(z = H) (see Figure 16), hence

=k -
F o= i (TO Tf) . (5.19)

The amount of growth {or ablarion)} at the bottom of the ice is
determined by the sum of F, and F.. If the sum is positive, ice
will melt; if the sun is negative, ice will grow, releasing enough
latent heat to balance the energy deficit, i.e.

du
- == 5.20
Olgg = F, +F_ . ( )
If we take the simplest possible case where F, = 0 and T = Ty,
eq. {5.20) becomes
k
di _ 71 _
Pifge TR e - D)

Assuming that H{£=0}=0, integration of this equatien gives

2y [ kg
= sa J (Tg = T)de = = 8
i 8] T

Water T

Fig. 16. Idealized picture of the ice slab and heat fluxes.
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F=_..m.?:m£_.__<
c k, ¥+ CH

i t

Again assuming that
{5.20) now vields

, 2k, 2%
H° + —= H = —
Cy Py

How well does this ¢
cal ca™l day=l oc¢-]
sensible heat flux a
= 65 cal cm3 {cor
eq. (5,22} becomes

HZ + 16,88 = 12

which is graphed in
clearly predicts muc
e possible reason
include a2 snow laye?
fiuvx in the snow nu
forward to show that



G. A MAYKUT

>tk away from coastal
7 elose to 0O°C,

wence of H on 6§ ob-
imple physical basis.
and conductivity k.,
ized at the §reeziég
‘e at the surface (T,
t energy balance. TIFf
he ice will be essen-
igure 16), hence

(5.19)

ottom of the ice is
sum is positive, ice
‘ow, releasing enough

@

(5.203

w = 0 and T, = Tas

wtion gives

and heat fluzxes.

THE SURFACE HEAT AND MASS BALANCE 427

This equation is unrealistic since T, can be wmuch warmer than Ty
when H 1s small. To obtain the dependence on H noted by Anderson
and Zubov, we must relax the assumpiion that T, = T;. Instead we
will assume that the net rate of heat exchange betwesen the ice and
atmosphere (Ft) is proporticnal to the difference between T, and
Tas 1.8,

Fp o= Ce(Ty = To)d

where Cy 1s some sort of an average transfer coefficient which
describes both sensible and latent heat exchange. Heat gain at
the upper surface must equal heat loss, so F, = F; and

kg
““ﬁ(TO - Tf) = C-;:(Ta - TC}> -

Solving this equaticn for T, gives

Rin + CtHTa
™ "% TCH (5.21)
i i

Substituting eg. (5.21) intec eg. (5.19) gives

Rict

c “% +CH ) -
i t

F (ff T ta

Again assuming that Fy << F, and H(t=0)=0, integration of eq,
(5.20) now vields

9 Zki Eki
H +E——H:—O——£9, {5.22)
£ i

How well does this equation fit the ohservaticns? TlLetting Cp = 50
cal cm~} day~! og¢-l (slightly higher than the nominal value for
gsensible heat flux alone}, ky = 415.9 cal em~1 day~! 98“35 and pil

= 65 cal cm™3 {corresponding to an average brine volume of 0%,
€g. (5.22) beconmes

HZ 4 16.8H = 12.96

which is graphed in Figure 14 as the hg = O curve. Zquation {5.22)
clearly predicts much more rvapid growth than observed in nature.
One possible reason for this 1s neglect of the snow cover. If we
include a smow layer of depth hy and specify that the conductive
fiuz in the snow musi be equal te that in the ice, it is straight-
forward to show that
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2k, 2k, 2k,
g ¢ = hn o+ m—lJ 5= —=8 (5.23)
=]

or

HZ + (13.1 hg + 16.8)H = 12.98

.

When hy = 0, the linear term in eq. (5.23) rapidly decreases in im-
portance once B exceeds about 20 em, so that H becomes increasing—
1y a function of 81/2. A small amount of snow, however, magnifies

the importance of the linear term. For example, when hgy = 5 om,
the linear term dominates the expression until H reaches about 75
Chi . A few cm of snow also acts te decrease the importance of

temperature differences between the air and the surface. Equation
(5.23) is graphed in Figure 14 for snow depths of 5 and 10 em. At
first glance it appears that choosing hg in the 5-10 cm range pro-
duces reasonable agreement with the empirical results. This appar-
ent agreement 1s somewhat deceptive, however, because the good fit
at larger H can only be obtained by seriously underestimating
growth rates in the thin ice. The problem is with the assumption
of a constant hg. By imposing a layer of snow on the very thin
ice, we cause an unrealistic decrease in 1its rate of growth. It
is possible to take into account changes in hg by stepwise integra-
tion of eq. {(5.20). This was the approach taken by Nakawe and
Sirha (1981) in analyzing ice growth data from Pond Inlet. They
found, however, that growth predictions made by including observed
variations in hy were less accurate than those obtained assuming a
large comstant snow depth. They attributed the apparent failure
of the more rigerous method to changes in the physical properties
of the growing ice and to uncertainties in the snowfall when the
ice was wvery thin. A more likely explanation is that heat input
from the ocean was responsible for the slower than expected
growth, Calculations by Lee and Simpson {1954) indicate that at
least 40-80 MJ m~2 are released from the upper ocean in the §S8IZ
during the fall and winter, following the initial formation of the
ice cover. Allison (1981) infers 7, values beneath seascnal ice
near Mawson, Antarctica of 40-120 MJ m~Z go=1 {15-50 W m"z) during
the first month of growth, dropping to 20~40 MJ m~2 mo=! (7-15 W
a2} in succeeding months. Analysis of the Anderson data indicate
that an eventual snow accumulation of 15-20 cm is needed to explain
differences between observations and theoretical predictions.
Since there was actually very little snow, the most likely explana-
tion for the slower growth is again a substantial Fpe This
implies that, to be generally applicable, our analvtical ice
growth formula needs a term describing the effect of Py on H.
Although eq. (35.20) can be solved in some special cases for Fp #
0, more general solutions require numerical treatment.

R

THE SURFACE HEAT AND MA

Numerical Modelin
given by Anderson and I
Folr) and hg(t). As w
tities can have a large
9. Application of s
ocean heat f£lux or snow
Southern Ocean) is the
tions for these areas
directly from ice gr
balance data and theore
shall discuss below.

Tet us consider a
by a layer of snow of t
face is in thermal equi
by heat loss. We car
boundary

(1 = g)Fp — 1, + 1
where Fj is the heat 1¢

d(H + h

Fm,= (oL dt

Wwhen the surface tempe:
at the melting point,
face will be balanced !
are c¢onsidering the ¢
perature gradients in -

.k
Fo= et (
C k.h + k H
i 8 g

where Y is the therma:
Substituting eqs. {5.1
into eqg. {5.24), the u

(1 - a)(l - iy)Py

+ Kelregg - egg)

where ¥; = panCSu an
cold, thin ice increa:
ing spring ice formati
An approximate relatic



